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SUMMARY 17	
Ocean-bottom seismograph and multichannel streamer wide-angle seismic data are jointly analysed and 18	
compared with reflection images, bathymetric maps and potential field data, to reveal the detailed structure of 19	
layer 2 of the oceanic crust formed at the intermediate spreading Costa Rica Rift (CRR). Separate modelling of 20	
each wide-angle dataset independently reveals a gradual increase in P-wave velocity with distance (hence crustal 21	
age) from the ridge axis, with a model derived from their joint inversion, in turn, displaying a pattern of shorter-22	
wavelength structural complexity in addition to a background flow-line trend. Normalising against a ridge-23	
located reference velocity-depth model reveals that, off-axis, velocity perturbations are correlated with trends 24	
in basement roughness and uplift; regions of rougher and uplifted basement correlate with slower layer 2 25	
velocity, <0.5 km s-1 faster than at the ridge axis, and thinner sediment cover, while smoother basement and 26	
locations where sediment cover forms a continuous seal over the oceanic basement, are mirrored by regions of 27	
relatively higher velocity, 1.0-1.4 km s-1 faster than at the CRR. These velocity variations are interpreted to 28	
reflect periodic changes in the degree of magma supply to the ridge axis. 29	

Using a combination of global and shipboard magnetic data, we derive a spreading history model for the 30	
CRR which shows that, for the past 5 Ma, spreading has been asymmetric. Comparing the seismic model 31	
structure with variations in full spreading rate over this period, reveals a correlation between periods of slower 32	
spreading and slower layer 2 velocity, basement roughness and uplift, and faster spreading, higher velocity and 33	
smoother basement structure. Zones of slower velocity also correlate with lows in the residual mantle Bouguer 34	
anomaly, interpreted as most likely reflecting corresponding regions of lower density in the lower crust or upper 35	
lithospheric mantle. Using ODP borehole 504B as ground-truth, we show that periods of faster spreading are 36	
associated with phases of magmatic accretion, interspersed by phases of increased asymmetric tectonic 37	
extension that likely facilitates fluid flow to the deeper crust and results in metamorphic alteration, manifest as 38	
the modelled density anomalies. 39	

Overall, our study shows that the mode of CRR crustal formation is sensitive to relatively small changes in 40	
full spreading rate within the range of 50-72 mm yr-1, that tips the balance between magmatic and magma-41	
dominated crustal formation and/or tectonic stretching, as characterised by significant variation in the fabric 42	
and physical properties of layer 2. We further hypothesise that this inherited structure has a direct influence on 43	
the subsequent evolution of the crust through secondary alteration. We conclude that descriptive phrases like 44	
‘ocean crust formed at an intermediate-spreading rate’ should no longer be used to describe an actual crustal 45	
formation process or resulting crustal structure as, over the full range of intermediate spreading rates, a fine 46	
tipping-point dictates an episodic transition between primarily magmatic accretion and magma-dominated 47	
crustal formation coupled with enhanced faulting, with their asymmetry recorded in either ridge flank.  48	
 49	
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1. INTRODUCTION 52	
In the simplest model of oceanic crustal formation at mid-ocean ridges, growth occurs consistently over 53	
timescales of several million years, even though at most ridges there is evidence for temporal fluctuations in 54	
spreading rate (Müller et al., 2008). For ridges spreading at the slowest rates, these are interpreted as having the 55	
poorest magma supply and, consequently, undergo significant tectonic extension, expressed in terms of a ratio, 56	
M, of magmatic crustal accretion to amagmatic or tectonic extension, where M=0.5 acts as the discriminator 57	
between these types of spreading (e.g. Buck et al., 2005). Thus, the structure and morphology of the oceanic 58	
crust along a flow-line away from a ridge axis can be used as a proxy for determining changes in the mode of 59	
formation (e.g. Kappel & Ryan, 1986; Phipps Morgan & Chen, 1993). If the ridge axis fluctuates between 60	
magmatic and reduced magma supply conditions on timescales of a few million years, as may be the case at 61	
intermediate spreading rates, studying this ridge type provides an opportunity to understand the tipping-points 62	
between the different modes of crustal formation, as well as the effects of variable spreading rate on processes 63	
that age the crust as it spreads off-axis. 64	

Based on the M-ratio classifications of Buck et al. (2005), we first define a set of terms that we use to 65	
describe the different spreading modes that may occur at spreading ridges, together with the transitions between 66	
them. These comprise: 67	

• magmatic, where M≈1, which we define as meaning that almost all of the plate separation is 68	
accommodated by eruption of lavas and intrusion of dykes at the ridge axis; 69	

• magma-dominated, where 0.5<M<1, which we define as meaning eruption of lavas and dyke intrusion 70	
are still the principal processes accommodating spreading, but do not account for all of the plate 71	
separation; 72	

• faulting-enhanced, which lies at the low-M end of the magma-dominated range, and where lower M 73	
values correspond to an increasing component of spreading being accommodated by faulting or tectonic 74	
extension, and; 75	

• tectonic-dominated, where M<0.5, and accretion of new magmatic material is no longer the principal 76	
process in plate separation, which, instead, primarily occurs through faulting/tectonic extension. This 77	
range of M-ratio is restricted to mainly slow and ultra-slow spreading ridges and is, therefore, not 78	
applicable to the intermediate spreading Costa Rica Rift studied here, however we include it for 79	
completeness. 80	

A series of models have been proposed to account for the different spreading styles commonly observed at 81	
slow- and ultraslow mid-ocean ridges, with half-spreading rates (HSR) <25 mm yr-1, or full-spreading rates 82	
(FSR) <50 mm yr-1. Under increasingly tectonic-dominated conditions (M<0.5), crustal growth is 83	
predominantly asymmetric (e.g. Cannat, 1993; Ranero & Reston, 1999; Cannat et al., 2006; MacLeod et al., 84	
2009). Depending on the degree and focus of any magma supply, one flank of the ridge axis may be accreted 85	
with a ‘normal’ layer of volcanic rocks fed by a system of dykes, while the other flank either develops into a 86	
series of volcanic fault blocks (Tucholke et al., 2008; Olive et al., 2010), while, at the lowest values of M, a 87	



low-angle detachment fault initiates to produce oceanic core complex-style structures (e.g. Searle et al., 2003; 88	
Smith et al., 2006; Dannowski et al., 2010), exhuming sections of lower crustal gabbro and ultimately ultramafic 89	
mantle rocks. Both of these possibilities result in a rougher basement surface, and a potential for alteration of 90	
peridotite assemblages to serpentinite by fluid-rock interaction. 91	

In contrast, at fast spreading ridges (70 mm yr-1 FSR) crust is accreted under magmatic conditions (M≈1) 92	
and a continuous magma supply is frequently observed (e.g. Detrick et al., 1987; Kent et al., 1990; Sinton & 93	
Detrick, 1992; Hooft et al., 1997). A relatively smooth top basement surface results, and the subsurface is 94	
composed of basaltic lava flows and dykes of oceanic crustal layer 2, accreted relatively symmetrically about 95	
the ridge axis (Sinton & Detrick, 1992). The seismic velocity-depth structure of layer 2 is well documented at 96	
fast spreading ridges (e.g. Christeson et al., 1992; Harding et al., 1993; Vera & Diebold, 1994; Grevemeyer et 97	
al., 1998), and is commonly subdivided into two seismically distinct sub-layers, defined at the ridge axis as 98	
layers 2A, which comprises extrusive, high porosity pillow basalts, and 2B, comprising sheeted dykes (e.g. 99	
Herron, 1982; Christeson et al., 1992; Harding et al., 1993). As the crust ages, there is a trend towards an overall 100	
increase in seismic velocity, related to cooling and hydrothermal alteration processes (Houtz & Ewing, 1976; 101	
Christensen, 1979; Carlson, 1998), which may alter the appearance and/or manifestation of the layer 2A/2B 102	
boundary, largely as a result of the progressive closure or infilling of the bulk porosity (Christensen, 1978; Vera 103	
et al., 1990; Detrick et al., 1994; Christeson et al., 2007). 104	

Between these two end-members, crust formed at intermediate spreading ridges (50-70 mm yr-1 FSR) might 105	
be expected to demonstrate some form of average of the two end-member structures, although the significant 106	
heterogeneity of crust formed at the slower spreading rates suggests that this may not be the case.  107	

Studies of intermediate spreading ridge axes and flanks are relatively limited. Wide-angle seismic imaging 108	
has been used to characterise the off-axis velocity structure of the intermediate spreading (56 mm yr-1 FSR) Juan 109	
de Fuca Ridge (JdFR) flanks, over several million years of spreading. Close to the Blanco Transform, layer 2A 110	
has a thickness of 0.49-0.54 km and velocity of 3.0-3.2 km s-1, and is located above a 0.23-0.28 km-thick high 111	
velocity gradient transition zone into layer 2B (Christeson et al., 2012). Uppermost layer 2B velocities at the 112	
JdFR vary depending on location, with values of 4.7-4.9 km s-1 (Christeson et al., 2012) and 5.2±0.3 km s-1 113	
(Newman et al., 2011) obtained by different studies. In both cases, however, these values are elevated relative 114	
to those of 4.4±0.3 km s-1 at the ridge axis (Newman et al., 2011), with the increase occurring within ~0.5-1.0 115	
Myr of crustal formation. This increase occurs at a rate of up to four times faster than would be expected purely 116	
by cooling alone (Christensen, 1979), suggesting that layer 2B velocity evolution is controlled by active, rather 117	
than passive, hydrothermal circulation. Overall, the observed upper layer 2B velocity in 1.3–6.0 Ma 118	
magmatically generated crust at the JdFR (Horning et al., 2016) is not significantly different from that in 0.5–119	
8.3 Ma crust formed at the superfast spreading southern East Pacific Rise (EPR; Grevemeyer et al., 1998), 120	
indicating that the magmatic crustal accretion processes are fundamentally similar in their action and result.  121	

Variable along-ridge axial morphology has been documented at the intermediate spreading: JdFR (Canales 122	
et al., 2005), which displays an overall bathymetric high with a shallow central axial rift, similar to the fast 123	
spreading EPR (Phipps Morgan & Chen, 1993); the Southeast Indian Ridge (SEIR; ~75 mm yr-1 FSR), which 124	



shows an overall increase in axial depth from 2.3 km to 4.8 km between 88°-118°E (Cochran et al., 1997; Ma 125	
& Cochran, 1997); and the Galapagos Spreading Centre (GSC; Detrick et al., 2002; Blacic et al., 2004), which 126	
changes from a developed axial rift valley in the west, in the region around Hess Deep Rift and the Galapagos 127	
Triple Junction, to an EPR-type axial high in the east, where it approaches the Galapagos hot spot. In turn, each 128	
of these ridge systems also show evidence for shallow axial melt lenses along their axes (Detrick et al., 1987; 129	
Blacic et al., 2004; Baran et al., 2005; Canales et al., 2006; van Ark et al., 2007). Inter-relationships between 130	
axial morphology, evidence for active magma supply, and the thickness of layer 2A suggest that these features 131	
are controlled by distinct modes of crustal accretion (Phipps Morgan & Chen, 1993). EPR-like axial highs tend 132	
to be associated with the presence of shallow melt lenses and a thinner on-axis layer 2A, whereas rifted axial 133	
highs correlate with deeper melt lenses and thicker on-axis layer 2A. Segments with well-developed axial 134	
valleys do not exhibit melt lenses but have a thicker layer 2A (e.g. Small, 1994; Baran et al., 2005; Canales et 135	
al., 2005; van Ark et al., 2007). 136	

Whilst layer 2A seismic velocity increases away from the ridge (Houtz & Ewing, 1976; Christensen, 1979; 137	
Carlson, 1998), systematic studies of correlations between this and layer 2A thickness, layer 2A/2B transition 138	
thickness, or layer 2B seismic velocity with distance from the ridge axis do not exist. Consequently, our current 139	
understanding of how the oceanic crust evolves over time (e.g. how and when the porosity closes, and how layer 140	
2 structure changes as a result) assumes that the growth style at the ridge axis does not vary through time. In 141	
this paper we test this assumption, by examining the shallow structure of young oceanic crust that has been 142	
formed at the Costa Rica Rift, which has a variable intermediate spreading rate (Wilson and Hey, 1995). We 143	
use the combined proxy of basement roughness and seismic velocity characteristics of the crust to determine 144	
magma supply variation at the ridge axis at the time of formation, and use this proxy to investigate how the 145	
characteristics generated at formation may affect subsequent crustal evolution, or ageing. 146	
 147	
2. TECTONIC SETTING 148	
The Panama Basin is a small ocean basin located in the Eastern Pacific between 0-7°N and 78-90°W, proximal 149	
to the subduction zones of Central and South America (Fig. 1a). The oceanic crust in this basin is generated 150	
along the eastern limb of the Galapagos Spreading Centre (GSC), which separates the Cocos and Nazca Plates. 151	
The Cocos and Carnegie Ridges bound the basin to the west and the south, respectively. These are shallow 152	
aseismic ridges of thickened crust that formed as the plates moved over the Galapagos hotspot (e.g. Sallarès et 153	
al., 2003, 2005). The GSC is divided into a number of ridge segments, offset by transform faults. The 154	
easternmost spreading ridge segment is known as the Costa Rica Rift (CRR), which is bounded to the west by 155	
the Ecuador Fracture Zone (EFZ) and to the east by the Panama Fracture Zone (PFZ). 156	

The CRR is ~140 km-long and has been spreading for 11 Myr (Lonsdale & Klitgord, 1978). Based on 157	
shipboard magnetic anomaly data, Wilson and Hey (1995) characterised the ridge as an asymmetric intermediate 158	
spreading ridge, with current HSRs of 34 mm yr-1 to the south and 28 mm yr-1 to the north (Fig. 1b), and also 159	
showed that the spreading rate has fluctuated significantly over the past 8 Myr, encompassing the full range of 160	
HSRs defined for intermediate spreading ridges, of 25 to 35 mm yr-1 (Dick et al., 2003). There is evidence for 161	



an active magma supply to the ridge axis currently, in the form of an ~5 km-long axial melt lens reflection (Buck 162	
et al., 1997; Lowell et al., 2016; Zhang et al., 2017), although its small size indicates that it would require regular 163	
replenishment to prevent ‘freezing’ (Liu & Lowell, 2009; Lowell et al., 2019 in review). 164	

The oceanic crust in the Panama Basin has been sampled and logged at Ocean Drilling Program (ODP) 165	
borehole 504B, located ~233 km south of the CRR (Becker et al., 1989, and references therein), where the crust 166	
has been dated at 6.9 Ma (Wilson et al., 2003). The 275 m sediment succession (Cann et al., 1983) implies an 167	
average sedimentation rate of ~40 m Myr-1, which is double that for the Pacific Ocean over the same time period 168	
(Davies et al., 1977). The lithological structure and hydrothermal alteration of the igneous crust at 504B have 169	
been characterised in detail throughout an ~1830 m section, sampling the volcanic lavas (2A) and sheeted dykes 170	
(2B) (Alt et al., 1996). This geological reference point can be used to ground-truth geophysical interpretations, 171	
and a number of previous seismic surveys detect an ~600 m-thick layer 2A with P-wave velocity varying 172	
between ~4.5 and 5.2 km s-1, and an ~1200 m-thick layer 2B with P-wave velocity between ~5.8 and 6.5 km s-173	
1 (Detrick et al., 1998) with, more recently, equivalent values obtained from coupled 2D forward modelling and 174	
3D inversion by Gregory et al. (2017). 175	

In this study we use newly acquired geophysical data along a flow-line from the CRR to ODP borehole 176	
504B to investigate changes in the morphology and velocity structure of layer 2 in young oceanic crust. From 177	
these observations, we infer the formation history and subsequent ageing of the crust formed at the CRR over 178	
the past 8 Myr.  179	

 180	
3. DATA ACQUISITION 181	
The geophysical component of the OSCAR (Oceanographic and Seismic Characterization of heat dissipation 182	
and alteration by hydrothermal fluids at an Axial Ridge) project was carried out during a pair of research 183	
expeditions in January-March 2015 (Hobbs & Peirce, 2015; Morales-Maqueda, 2015), onboard the RRS James 184	
Cook (JC114) and FS Sonne (SO238). As part of the sea-going experiment, three types of controlled-source 185	
seismic acquisition were undertaken contemporaneously along three ~330 km-long flow-line profiles, running 186	
from 40 km north of the CRR to 40 km south of ODP borehole 504B (Fig. 1b). In this study, we focus on the 187	
central of these profiles, SAP_B, which passes through the previously imaged axial magma lens at the CRR 188	
(Zhang et al., 2017), and borehole 504B (Fig. 1b), where lithological samples and downhole geophysical logs 189	
(Alt et al., 1993; Carlson, 2010) provide ground-truth for the seismic images (Gregory et al., 2018). Swath 190	
bathymetry, gravity and magnetic data were acquired throughout seismic acquisition. 191	

To address the goals of this study, optimising resolution, imaging depth and lateral propagation for wide-192	
angle velocity modelling and inversion, three different seismic source arrays were utilised, with an interleaved 193	
firing pattern over a 60 s repeating window. Two arrays were towed astern of RRS James Cook: a pair of GI 194	
airguns (generator and injector volume each 105 in3, 1.72 l), and an array of six Bolt airguns (1320 in3, 21.63 195	
l); while the FS Sonne towed an array of eight Sercel G-guns (4280 in3, 70.14 l). The three seismic datasets 196	
acquired were as follows: 197	



i. 2D multichannel seismic reflection data, using the GI airgun array and a 4.5 km-active-length streamer 198	
with 360 channels spaced at 12.5 m intervals, towed at a depth of 10 m. Data were recorded at a 199	
sampling rate of 500 Hz, over trace record lengths of 41 s. This dataset was designed to image the depth 200	
to the top igneous basement and the structure and layering of the overlying sediment cover, and will be 201	
referred to as MCS data; 202	

ii. 2D synthetic aperture multichannel seismic reflection data, using the same streamer but with airgun 203	
shots fired by both the Cook (Bolt airgun array) and the Sonne (G airgun array) following ~8.5 km 204	
astern. This dataset was designed to enhance lateral and vertical resolution imaging of layer 2 by 205	
recording both wide-angle (WA) reflections and emergent layer 2 refracted arrivals, which will be 206	
referred to as SAP MCS and SAP WA data respectively; 207	

iii. wide-angle refraction data, using 35 ocean-bottom seismographs (OBSs) deployed at 5-10 km intervals. 208	
These four-channel (three-component geophone and hydrophone) OBSs recorded all three source 209	
arrays continuously at sampling rates of either 250 Hz or 500 Hz, depending on instrument 210	
specification. This dataset was designed to provide the background upper crustal velocity-depth 211	
structure for appraisal of the initial model used for detailed layer 2 modelling, and will be referred to 212	
as OBS WA data. 213	

 214	
4. DATA PROCESSING AND MODELLING 215	
4.1. MCS data 216	
The aims of MCS imaging were to determine the depth to the top of the igneous basement, provide an estimate 217	
of sediment thickness, and determine basement roughness along profile. Streamer feather for the central flow-218	
line profile was <3° throughout acquisition, equivalent to a maximum lateral offset, from in-line, of 250 m at 219	
the farthest-offset channel. Given the size of the Fresnel zone at the seabed, and that the dominant out-of-plane 220	
structures are orientated perpendicular to the profile (ridge-parallel), this in-line offset was deemed within lateral 221	
positioning error and the MCS reflection data were assigned a 2D geometry assuming the source and receiver 222	
towed directly astern. Following this, a simple processing sequence was applied, comprising constant velocity 223	
(1500 m s-1) normal move-out correction, stacking and Stolt migration, again at 1500 m s-1. Figure 2 shows the 224	
resulting stacked GI-source MCS data, in which the primary reflections associated with the seabed, top basement 225	
surface, and intra-sedimentary reflections, together with evidence for pervasive basement and sediment column 226	
faulting, are observed. 227	

 228	
4.2. WA data 229	
The aim of WA data modelling was to produce a P-wave velocity-depth model that could be used to describe 230	
changes in layer 2 structure along Profile SAP_B, with the results of modelling geologically ground-truthed 231	
against the direct lithological sampling and borehole geophysical logs at ODP borehole 504B to inform 232	
interpretation. Modelling was conducted using a two-staged approach. Initially, a first-pass forward model was 233	
constructed using rayinvr (Zelt & Smith, 1992), to determine the longer-wavelength P-wave velocity structure 234	



used to inform construction and testing of a range of initial models prior to the selection of the starting point for 235	
inversion. The chosen inversion starting model used a generic one dimensional velocity-depth structure that 236	
contained the minimum pre-conceived characteristics of oceanic crustal structure, based on the MCS sub-seabed 237	
image (Fig. 2). Subsequent inverse travel time modelling, conducted using FAST (Zelt & Barton, 1998), was 238	
then used to produce the final velocity-depth model by iterative updates until the best-fitting solution within 239	
pick errors was reached.  240	

 241	
4.2.1.  Travel-time picking and initial model preparation 242	
Wide-angle arrivals were picked preferentially on the OBS hydrophone record section, as this had the best 243	
signal-to-noise ratio (SNR). Each OBS was relocated to its actual position on the seabed by matching the 244	
observed travel times of the direct water wave arrival (Pw), with travel times calculated by forward ray-tracing 245	
using rayinvr (Zelt & Smith, 1992). The along-profile seabed depth was constructed using ship-acquired swath 246	
bathymetry data, and a water column model was constructed using the average sound velocity profile calculated 247	
from temperature and salinity measurements made during eight conductivity-temperature-depth (CTD) casts 248	
(Banyte et al., 2018). This water column model was used in, and remained fixed for, all subsequent sub-seabed 249	
modelling. 250	

Example OBS record sections from instruments located near the ridge axis (OBS 04) and borehole 504B 251	
(OBS 32) are shown in Fig. 3. Refracted arrivals turning in the upper crust, Pg1, and mid-to-lower crust, Pg2, 252	
were picked and assigned an uncertainty of ±30 ms to represent the combined location and pick errors. Around 253	
5,300 crustal (Pg1 and Pg2) travel time picks were made, with shot-receiver offsets ranging from 1.7 km to 254	
31.6 km.  255	

For the SAP WA data, as the water depth is greater than 2400 m, most of the refracted energy for the 256	
shallowest subsurface arrives at shot-receiver offsets <4.2 km, behind the primary seabed reflection. The 257	
refracted arrival turning in the upper-to-mid crust (Pg) becomes an emergent phase, arriving before the seabed 258	
reflection, between 4.2-5.5 km shot-receiver offset (Fig. 4). More than 500,000 travel time picks were made of 259	
these emergent Pg phases, with offsets ranging from 4.2 km to 8.8 km. Each pick was assigned an uncertainty 260	
of ±20 ms. The SAP WA dataset significantly increases the sampling density of the upper 1-2 km of the crust; 261	
for comparison only ~2,000 picks from the OBS dataset fall within a comparable shot-receiver offset range of 262	
<8.5 km. 263	

 264	
4.2.2. Forward modelling 265	
First-pass forward modelling of the OBS WA travel times using rayinvr (Zelt & Smith, 1992) aimed to 266	
determine the longer-wavelength P-wave velocity structure to act as a starting point for and inform subsequent 267	
inversion. A simple starting model was constructed with the water column as described above and the sediment 268	
thickness calculated from the MCS data using a mean interval velocity of 1630 m s-1 (determined from stacking 269	
velocity analysis of the MCS data, and wireline logs run in borehole 504B). Beneath the top basement surface, 270	
the igneous crust was constructed as a series of layers, interpolating between two 1D velocity-depth profiles 271	



(Fig. 5a), based on the Main Endeavour segment of the Juan de Fuca Ridge (van Ark et al., 2007) for the ridge 272	
axis and a 3D tomographic inversion around borehole 504B (Detrick et al., 1998).  273	

Iterative forward modelling was conducted using a top-down approach. Lateral velocity variations were 274	
introduced, over a scale of 50-100 km, to improve the fit between observed and calculated travel times, until a 275	
χ2 fit of ~3.4 was achieved for the ~5,300 travel time picks. For the 30 ms travel time pick error, this corresponds 276	
to a travel time root-mean-square (rms) residual of ~56 ms. The resulting model (Fig. 5b), showing the longer-277	
wavelength, background P-wave velocity-depth structure will, henceforth, be referred to as the forward model. 278	

The 4.3 km s-1 contour, representing the base of layer 2A at the ridge axis, can be used as a proxy for the 279	
progressive change in velocity with crustal ageing due to infilling of porosity (e.g. Carlson, 1998). In the forward 280	
model, this contour shallows from the base of layer 2A at the ridge axis to the top of the basement at ~170 km 281	
distance along profile (Fig. 5b). The forward model shows only limited variability within the upper part of layer 282	
2B, although this might reflect the smaller number of velocity nodes included at greater depth, and that forward 283	
modelling only continued until the rms misfit decreased to 56 ms. However, there is a resolvable increase in 284	
velocity at the top of this layer, from 5.6 km s-1 at the ridge axis to 6.0 km s-1 at 504B. 285	

Resolution of the shallowest crust using OBS-acquired WA datasets alone is limited. However, the forward 286	
model does constrain the general along flow-line velocity-depth characteristics, and represents a first pass 287	
solution to a limited sub-set of the total travel time pick set, allowing us to obtain an indicative view of crustal 288	
structure variation along profile. Consequently, we use the forward model to provide constraint on the starting 289	
point for inversion of the MCS WA travel time picks. Since the forward model has been developed from a no 290	
preconceived view stand point, we regard such an inversion starting point as inheriting this origin. 291	

 292	
4.2.3. Initial inversion modelling 293	
A 2D tomographic inversion was conducted using the widely adopted FAST, following the approach of Zelt & 294	
Barton (1998). The inversion algorithm iteratively updates a smooth velocity field, aiming to minimise travel 295	
time residuals along ray paths, to reach a χ2 fit of 1, which represents a fit to the error bounds. The inverse model 296	
was parameterised on a uniform square grid, with the seabed and top basement surface depths taken from the 297	
forward model and fixed as invariant interfaces throughout inversion. To represent the igneous crust, a 1D 298	
velocity gradient was added below the basement surface along profile, with velocity increasing from 4.0 km s-1 299	
at the basement to 8.2 km s-1 at the base of the model at 12 km depth. Figure 5a shows a comparison of 1D 300	
velocity-depth profiles from the initial models used as part of the forward and inversion modelling, at various 301	
locations along the profile. 302	

As its name implies, FAST (First Arrival Seismic Tomography) is an approach that inverts first arrival 303	
travel time picks. However, for the SAP WA data, the first arrival by definition is the water wave travelling 304	
directly between shot and receiver through the water column. Due to geometry complications caused by the 305	
non-constant distance between the two ships, and aliasing caused by the shot spacing, it was not possible to 306	
apply downward continuation to effectively relocate the streamer to the seabed. Therefore, to invert the SAP 307	
WA travel time picks, it was instead necessary to adapt the FAST inversion procedure. For each ray path 308	



calculated, the water layer was temporarily modified to introduce an artificially slow region (0.001 km s-1) at 309	
the midpoint between shot and receiver to, in effect, delay the direct water wave to arrive later than any sub-310	
seabed phase. This slow region was applied using a five-model node-wide column, or band, that extended 311	
through the entire water layer of the model. 312	

The OBS WA and SAP WA travel time datasets were first independently inverted over a series of five non-313	
linear iterations, with ray paths computed and tested over five potential models to obtain the smoothest velocity 314	
model that reduced the misfit. Using the forward model as a reference for comparison, the observed similarity 315	
in structure with the inversion results for both data sub-sets (OBS WA and SAP WA), accounting for inherent 316	
differences between the two modelling approaches, allows us to be confident that the inversion models are a 317	
true function of the data and are not biased by, for example, the parameterisation of the inversion or the starting 318	
model.  319	

The resulting best-fitting inversion models for the OBS WA and SAP WA data sub-sets are shown in Figs 320	
6a and 6c, and, henceforth, are referred to as the OBS inversion and SAP inversion models respectively. 321	
Comparing these two models, a clear difference is observed in the shallowest 600 m sub-seabed, where the SAP 322	
inversion model shows that the P-wave velocity is lower than that recovered in the OBS inversion model, by up 323	
to 1 km s-1 for young off-axis crust (<70 km south of the ridge axis – Fig. 6e). This shallow difference tends to 324	
reduce with increasing distance from the ridge axis. Any remaining difference between the models is 325	
concentrated at deeper (>600 m) depths and higher (≥5 km s-1) velocities. However, this feature is also an 326	
artefact of the shallower imaging depth of the SAP WA data compared to that of the OBS WA data. 327	

 328	
4.2.4. Resolution 329	
The minimum resolvable velocity anomalies in each of the OBS and SAP inversion models were determined 330	
using checkerboard testing (Zelt & Barton, 1998). A ±5% sinusoidal velocity perturbation pattern was added to 331	
each inversion model and then synthetic travel times were calculated using the shot-receiver offsets of the 332	
observed travel time picks. Random Gaussian noise was then added to the synthetic travel times, at a level 333	
corresponding to the pick uncertainties. These synthetic picks were then inverted with the same inversion 334	
parameters used to generate the inverse models and the degree of recovery determined. 335	

For the OBS WA travel times in isolation, the smallest recoverable checkerboard has cell dimensions of 336	
10 x 1.5 km (Fig. 6b). Poorer recovery is observed between 30-40 km and 200-210 km distance along profile, 337	
which coincides with an instrument that failed to record. Additionally, in several places sub-seabed, the 338	
amplitude of the applied velocity anomaly is over-recovered in the shallowest 300 m, reflecting the limitations 339	
of OBS data for shallowest imaging due to the generally larger intra-instrument spatial separation, and the 340	
sparser short-offset travel time picks resulting from the larger shot spacing (~150 m).  341	

The SAP WA travel time data, on the other hand, provide an even and dense coverage of the upper 2 km 342	
of the crust, as a result of the smaller shot-receiver spacing (~50 m). The smallest recoverable checkerboard in 343	
this case is 5 x 1 km (Fig. 6d). Most noticeably, recovery is enhanced beneath the ridge axis, and only worsens 344	
due to gaps in data coverage (e.g. 215-220 km distance along profile, Fig. 6d). Over-recovered checkerboard 345	



amplitudes can still be observed within the shallowest 300 m sub-seabed, but this is much reduced compared to 346	
the solely OBS data-derived resolution.  347	

 348	
4.2.5. Final inversion 349	
Having determined the characteristics that each travel time pick sub-set imposes on a resulting inversion model, 350	
a further, final, inversion was conducted using both the OBS WA and SAP WA data jointly, with the goal of 351	
achieving the best constraint of the shallow subsurface (<1 km) velocity structure, whilst also ensuring the 352	
deeper part of layer 2 and below are also well resolved. Due to the large mismatch in the number of picks from 353	
each dataset (~5,300 vs. ~500,000), the SAP WA data were reduced in number by selecting an evenly spaced 354	
25% sub-set of shots and receivers. At ~30,000 picks, the sub-set of SAP WA picks still outweighed the OBS 355	
WA dataset, so the travel times were weighted towards the top of the model (i.e. more rays turning in the upper 356	
1-2 km of the model than deeper down). To ensure that the resolution of the model was not artificially improved 357	
beyond that achievable from OBS WA data alone (i.e. to avoid imposing bias), a horizontal 10 km-wide 358	
Gaussian filter was applied to the resulting joint inversion model, to smooth the velocity field to the feature-359	
scale resolution of the OBS inversion model. The final joint inversion model is shown in Fig. 7b and is, 360	
henceforth, referred to as the final inversion model. 361	
 362	
5. RESULTS 363	
5.1. Surface expression of crustal formation 364	
Morphological characterisation of the bathymetry of the south flank of the CRR (Fig. 1b) reveals that the 365	
majority of topographic features are elongate, axis-parallel ridges, with steeper northward-dipping sides that 366	
have been inferred to be normal faults (Haughton et al., 2017). The stacked MCS section (Fig. 2) displays clear, 367	
discrete reflection events representing the seabed and top basement surface along the majority of the profile. 368	
Exceptions to this are close to the ridge axis (±30-40 km), where the top of the oceanic crust is the seabed by 369	
definition, and on surfaces dipping at greater than ~10° (e.g. 94 km, 115 km and 122 km distance along profile). 370	
Over time, the irregularly undulating basement surface has become progressively infilled by sediment, giving 371	
the appearance of more subdued seabed topography at distances of >80 km from the ridge axis. Sediment cover 372	
becomes continuous south of ~190 km from the ridge axis, however intra-sediment reflectors show deformation 373	
patterns which suggest on-going active fault movement and/or fluid venting along the whole profile. 374	

To investigate the extent of tectonism, and negate the effect of progressively thickening sediment cover, 375	
we quantify crustal roughness using the top basement surface as imaged by the MCS data, calculating the rms 376	
residual of its topography relative to a predicted depth dependent on the wavelength of roughness being 377	
investigated (Figs 8b & c). To determine the longer-wavelength roughness, we apply this calculation using a 378	
100 km-wide sliding window and obtain a range of rms roughness of 110-180 m (Fig. 8c) relative to the 379	
predicted subsidence associated with plate cooling with distance away from the ridge (Hasterok, 2013), 380	
described in the following section. This range of roughness agrees well with that for crust formed at similar 381	
intermediate spreading rates (e.g. Goff, 1991; Ehlers & Jokat, 2009). 382	



We also calculate the basement roughness attributable to shorter wavelength features (<25 km; henceforth 383	
the short-wavelength basement roughness), following the method of Hayes & Kane (1991). The basement depth, 384	
measured by converting seabed-to-basement MCS travel times using a sediment average velocity of 1630 m s-385	
1, was filtered with a 25 km-wide Gaussian filter, and the raw (unfiltered) depths were subtracted to give the 386	
short-wavelength rms roughness at 5 km intervals along profile. To avoid influence in the filter window of 387	
measurements from the opposite ridge flank, and those associated with the youngest crust that may still be 388	
tectonically evolving, the results of this analysis are only considered valid at distances >12.5 km (~0.4 Myr) 389	
from the ridge axis. The short-wavelength basement roughness ranges from 35 m to 136 m, and alternates 390	
between rough (which we define here as >86 m) and smooth (<86 m) on length scales of 50-100 km (Fig. 8c). 391	
This measure is considered a good representation of the qualitative observations based on the MCS stacked 392	
section (Fig. 2). 393	

Rough basement is observed along two sections of the profile: i) near the ridge axis (<40 km); and ii) 394	
between 90 km and 190 km from the ridge axis. These sections are dominated by a series of irregularly spaced 395	
normal faults, dipping towards the ridge axis at ~30°, that have throws of >200 m (Fig. 2). Sediment 396	
accumulation is controlled by the basement topography, predominantly occurring on the hanging walls between 397	
faults and increasing in thickness towards the south (footwall). Where significant cumulative fault throw is 398	
greater than the thickness of accumulated sediment, the basement remains exposed either on the fault scarp itself 399	
(e.g. 114 km and 170 km from the ridge axis), or directly at the seabed where the slope prevents sediment 400	
accumulating (e.g. 148 km and 189 km). Smooth basement is observed between 40 km and 90 km, and at a 401	
distance of >190 km from the ridge axis. The subdued top basement topography has an average fluctuation in 402	
depth of ~50 m. Faulting is still observed, although only in a few instances are throws larger than 100 m seen 403	
(Fig. 2 – 203 km, 208 km, 222 km), and nowhere south of 190 km is the basement the sea floor. Instead, the 404	
sediment cover is laterally continuous, and has a thickness of ~275 m around borehole 504B. 405	

 406	
5.2. Bathymetric subsidence  407	
Assuming constant thermal conditions at the ridge axis and its initial depth, the plate cooling model of Hasterok 408	
(2013) can be applied to predict the amount of subsidence expected following crustal formation (Fig. 8d), where 409	
subsidence rate is proportional to t1/2, and t is the time since accretion. The ridge depth is correlated to its thermal 410	
structure, where a hotter ridge axis corresponds to a shallower initial depth (e.g. Mendel et al., 2003; Dannowski 411	
et al., 2010). 412	

The predicted subsidence was calculated using a ridge depth (d0) of 2.7 km, which represents a midpoint 413	
between the present-day depth of ~2.9 km observed at the CRR (which may not represent the spreading-414	
averaged depth for the past ~7 Myr) and the average depth of 2.5 km from the global depth-age study of Crosby 415	
et al. (2006). A constant half-spreading rate of 34 mm yr-1 was used to match the measured age of 6.9 Ma at 416	
borehole 504B, located 233 km off-axis. 417	

Overall, the predicted subsidence provides a good first-order approximation of the top basement depth to 418	
the south of the CRR (Fig. 8d). In areas where crustal fabric is rough, the topography created by normal faulting 419	



leads to a high variance about the mean predicted depth. However, in two regions the top basement is 420	
significantly shallower than predicted over along-profile lengths of >10 km. The first region, located between 421	
32 and 40 km south of the ridge axis, has a steep (~30°) axis-facing fault scarp ~400 m in height, a gently 422	
sloping (<5°) top surface and an overall square, block-like appearance (Fig. 2), although this may have only a 423	
limited along-axis extent (Fig. 1b). A similar feature is located between 20 and 30 km north of the ridge axis, 424	
and together these mark the edges of the zone of rough bathymetry proximal to the ridge axis. The second 425	
location of anomalously shallow bathymetry, between 163 and 190 km south of the ridge axis, also displays 426	
multiple fault scarps which are superimposed on an overall dome shape that reaches ~200-300 m shallower than 427	
predicted for a constant d0 and half-spreading rate (Fig. 8d), making it the largest sustained, anomalously 428	
shallow feature along profile. This coincidence of rough and anomalously shallow basement appears, therefore, 429	
to contradict the expectation that, for magma-dominated, tectonically enhanced spreading which should produce 430	
rougher seafloor, the ridge axis would be colder and, hence, deeper. If so, this would make the uplift of this 431	
region even greater as indicated by the possible curves based on a larger d0, corresponding to a cooler axis (Fig. 432	
8d). Alternatively, it may also be possible that the observed ‘uplift’ is simply related solely to greater fault throw 433	
as noted, for example in Figure 2, by comparing fault throw between 40-90 km and 155-190 km from the ridge 434	
axis. However, this interpretation may require spreading rates lower than those observed at the CRR (Wilson & 435	
Hey, 1995), and, consequently, values of M<0.5. Consequently, we favour the former interpretation because it 436	
provides a better fit to the determined spreading rate characteristics.  437	
 438	
5.3. Layer 2 velocity structure 439	
In describing our models, we follow the traditional nomenclature for layers 2A and 2B based on the initial 440	
layering structure formed at the ridge axis. Rather than using absolute velocity, we define the transition between 441	
these two layers as a region of high velocity gradient (>2 s-1; Gregory et al., 2018), which may represent changes 442	
in lithology, alteration, porosity and fracturing (e.g. Christeson et al., 1992, 2007; Vera et al., 1990; Harding et 443	
al., 1993; Carlson, 2010). FAST inversion results in a smooth velocity model rather than one containing discrete 444	
layer boundaries. We, therefore, overlay the layer 2A/2B boundary from the forward model onto the final 445	
inversion model (Fig. 7b), to allow descriptive comparisons of layers 2A and 2B to be made.  446	

In the final inversion model, layer 2A retains the lower P-wave velocity resolved by the SAP inversion (Fig. 447	
6c), whereas layer 2B generally retains the higher P-wave velocity resolved by the OBS inversion (Fig. 6a), 448	
reflecting the turning depth ranges of the two individual data sub-sets. Overall, we find that the P-wave velocity 449	
for zero-age crust at the seabed at the CRR is higher (~3.2-3.4 km s-1) than at the Juan de Fuca Ridge (~2.5-3.2 450	
km s-1, Nedimović et al., 2008), although this may, in part, be modelling approach dependent. Within layer 2A 451	
the P-wave velocity at the basement ranges between 3.2-4.5 km s-1, where the lowest velocities are observed in 452	
the near-axis region and progressively increase towards the oldest crust to the south. This is a characteristic of 453	
all models (Figs 5b, 6a & c), and is highlighted by the 4.3 km s-1 contour. Layer 2B in the final inversion model 454	
also shows variability in velocity structure along-profile, especially between -30 to 25 km and 100 to 195 km 455	
distance from the ridge axis, which are areas associated with rough oceanic basement. Additional short-456	



wavelength lateral velocity variations present throughout the profile likely arise from the deeper-turning arrivals 457	
within the SAP WA data.  458	

It is conceivable that the apparent high variability in P-wave velocity is a manifestation of the juxtaposition 459	
of adjacent crustal blocks across a series of normal faults. In order to rule out this possibility, and study the 460	
variability in more detail, the final inversion model was converted into a relative velocity model (Fig. 7c) by 461	
normalising to a 1D reference velocity-depth profile from the CRR; thus, the relative velocity model shows 462	
lateral change in P-wave velocity with respect to zero-age crust. If normal faulting were the cause of the 463	
observed variability, then across each fault the P-wave velocity throughout layer 2 should be relatively lower 464	
on one side and higher on the other. However, this pattern is not observed. Furthermore, the locations of relative 465	
variations in layers 2A and 2B are not correlated, indicating different mechanisms, or effects, of the crustal 466	
ageing process. 467	

The primary features revealed by the relative velocity model are: 468	
• relatively lower layer 2A and 2B velocity, <0.5 km s-1 faster than at the ridge axis, is observed from 469	

30 km to the north to 25 km to the south of the ridge axis, encompassing crust up to ~1 Ma (Fig. 8d, 0 470	
km); 471	

• relatively higher velocity, ~0.5 km s-1 faster in layer 2A and ~0.8 km s-1 faster in layer 2B (Fig. 8d, 472	
70 km), is observed from 25 km to 110 km south of the ridge axis; 473	

• compared to that expected for ageing of crust, anomalously higher velocity in layer 2A and 474	
anomalously lower velocity in layer 2B is observed from 110 km to 135 km and from 150 km to 190 km 475	
south of the ridge axis (Fig. 8d, 165 km); and  476	

• significantly higher velocity throughout the whole of layer 2, 1.0-1.4 km s-1 faster than at the CRR (Fig. 477	
8d, 233 km), is observed >190 km south of the ridge axis. 478	

 479	
5.4. Summary comments 480	
The results described above reveal the following trends:  481	

1. the bathymetry can be partitioned into zones matching the expected subsidence curve (10-35 km, 45-482	
160 km, and 190-250 km distance along profile) and those where it does not (0-10 km, 35-45 km, and 483	
160-190 km); 484	

2. basement roughness can be classified into zones where the perturbations around the local mean depth 485	
are high (0-45 km, 95-190 km, and >250 km), and the crust is defined as rough, and low (45-95 km and 486	
190-250 km), where it is defined as smooth; and  487	

3. there is an overall linear increase in P-wave velocity with increasing distance from the ridge axis, 488	
suggesting a gradual evolution as the crust ages. However, there are also regions with relatively slower 489	
(0-25 km, 100-190 km), faster (25-100 km) and much faster (>190 km) seismic velocities when 490	
compared to the current ridge axis. 491	

 492	
6. SYNTHESIS CRUSTAL MODEL FOR THE SOUTHERN FLANK OF THE CRR 493	



From the observations of the oceanic basement roughness, subsidence, and crustal velocity structure relative to 494	
the ridge axis described in earlier sections, we have developed a synthesis model (Fig. 9) of the crust comprising 495	
the southern flank of the CRR, in which the crust can be partitioned into zones, from the ridge axis southwards, 496	
comprising: 497	
 498	

Distance 

from ridge 

axis (km) 

Descriptors Interpretation 

0-10 deep bathymetry, 

low P-wave 

velocity, rough 

basement 

axial valley characteristics of slow-to-intermediate 

spreading indicative of magma-dominated (0.5<M<1) 

crustal formation 

10-35 typical bathymetry, 

low P-wave 

velocity, rough 

basement 

young (<1 Ma) ocean crust may not be ‘mature’ with 

respect to low-temperature, shallow hydrothermal 

alteration, although the rough bathymetry is indicative 

of magma-dominated spreading with some tectonic 

extension 

35-45 shallow bathymetry, 

low 2A and high 2B 

P-wave velocity, 

rough basement 

transition to more mature crust, with roughness 

indicative of magma-dominated, increasingly faulting-

enhanced spreading – generally shallow bathymetry 

suggests a more buoyant crust which could be either 

thicker or of lower density 

45-100 typical bathymetry, 

low 2A and high 2B 

P-wave velocity, 

smooth basement 

magmatic accretion (M≈1) 

100-160 typical or deeper 

bathymetry, variable 

P-wave velocity, 

rough basement 

increasing roughness with distance south of ridge axis 

implies some tectonic extension, but as the crust lies at 

its predicted depth it suggests it has a bulk density 

expected for magma-dominated crust – has spatially 

limited, localised velocity and, therefore, density 

anomalies 

160-190 shallow bathymetry, 

fast 2A and slow 2B 

P-wave velocity, 

rough basement 

period of magma-dominated accretion, with 

significantly increased faulting (defined here by the 

term F – cf. Fig. 9), and low density at depth 

accounting for the observed uplift 



190-250 typical bathymetry, 

typical/fast(?) 

velocity in both 2A 

and 2B, smooth 

basement 

a phase of magmatic accretion (M≈1), corresponding to 

the lithological ground-truth at borehole 504B at 233 

km along profile 

 499	
It is evident that there is significant diversity in the crust formed at the CRR over the past 7 Myr. 500	

Furthermore, there appear to be distinct correlations between variability in the crustal velocity and basement 501	
roughness. Thus, the variable velocity pattern we observe may reflect the balance in the mode of formation, 502	
between magmatic and magma-dominated accretion vs. an increasing prevalence of tectonic extension, the 503	
effect of which influences the permeability of the crust and the pattern of fluid flow it facilitates. We therefore 504	
suggest that the classification of the crust here as simply ‘intermediate-spreading’ is too simplistic, and that 505	
there is significant variability in its mode of formation and subsequent evolution. Hence, we consider that the 506	
term “intermediate” refers instead to a spectrum of spreading styles between faster, magmatic (M≈1) and slower, 507	
magma-dominated, faulting-enhanced (0.5<M<1) end-members, within which the actual mode of crustal 508	
growth at any time may fluctuate along this spectrum between them as summarised in Fig. 9. In order to test 509	
this hypothesis, we compare the aforementioned crustal ‘zones’ to existing (Wilson & Hey, 1995) and new 510	
determinations of spreading rate and asymmetry. 511	
 512	
7. SPREADING RATE, SYMMETRY AND CONTINUITY AT THE CRR 513	
When considering the influence of spreading rate on resulting crustal structure, it is also necessary to include 514	
across-axis symmetry and along-axis continuity of its formation processes. During magmatic accretion the focus 515	
of magma production, at least at depth, may not be directly below the ridge axis, instead being offset to either 516	
flank (e.g. Scheirer et al., 1998; Vargas et al., 2018) as a result of asymmetry in plate motion vectors (influenced 517	
by far-field tectonic stresses), or due to ridge geometry re-organisations. Alternatively, during increasingly 518	
magma-dominated, tectonic-enhanced spreading, the orientation of normal faulting, and hence which flank 519	
represents the hanging wall and which the footwall, may change over time (e.g. Sauter et al., 2013). Finally, 520	
where one flank is accommodating spreading via a large-scale detachment fault, magmatic accretion may occur 521	
in the hanging wall on the opposite flank (Allerton et al., 2000), rather than it simply playing a passive role. 522	
 523	
7.1. Magnetic anomaly modelling 524	
To quantify both the spreading rate and degree of asymmetry at the CRR, modelling of ship-acquired and 525	
EMAG2v2 global compilations of magnetic anomaly data (Maus et al., 2009) was undertaken. During JC114, 526	
two north-south oriented (ridge orthogonal) profiles (SAP_A and SAP_C – Figs 1, 10c & 10d), which form a 527	
corridor around SAP_B, were acquired which have been modelled using MODMAG (Mendel et al., 2005). 528	
Figure 9c shows that our modelled half-spreading rates for the south flank of the CRR demonstrate good general 529	



agreement with the estimates of Wilson & Hey (1995), for distances >40 km from the ridge axis, corresponding 530	
to ages >1 Ma (Fig. 9c).  531	

Following this, the degree of spreading asymmetry was determined by modelling the EMAG2v2 magnetic 532	
anomaly grid for both the north and south flanks of the CRR, having first downward continued that anomaly to 533	
sea level, and ground-truthed it against JC114 and all other available ship-acquired track-line data available 534	
from the National Center for Environmental Information (https://www.ngdc.noaa.gov; Fig. 10b). EMAG2v2 is 535	
produced by combining a range of types of track-line magnetic measurements, with gaps between tracks 536	
interpolated based on modelled oceanic crustal ages. Using the entire magnetic anomaly dataset up to and 537	
including JC114 we show that, at the CRR, EMAG2v2 mirrors the anomaly pattern observed in ship-acquired 538	
magnetic measurements, sufficient to allow spreading rate modelling along flow-lines for a time frame of at 539	
least 6-8 Myr, for both the north and south flanks.  540	

We find that spreading has been consistently asymmetric for the past 4 Myr, occurring at half-spreading 541	
rates of >33 mm yr-1 to the south and ≤30 mm yr-1 to the north (Fig. 10e). Throughout this period the FSR (Fig. 542	
10f), which ultimately controls the degree of upwelling, has been consistently ≥60 mm yr-1. Between 4-5 Ma 543	
there is a significant reduction in the FSR, to 50 mm yr-1, that is partitioned relatively equally between the two 544	
flanks. The fastest FSR at the CRR of >70 mm yr-1, occurs at ages >6 Ma and corresponds to crust sampled at 545	
borehole 504B that is interpreted to have resulted from magmatic accretion. 546	
 547	
7.2. Crustal depth anomalies 548	
Hasterok’s (2013)  plate subsidence cooling model shows that the oceanic basement depth at any point is related 549	
to the initial axial depth and the age of the crust and, thus, the spreading rate. Figure 8d shows that there is 550	
overall good agreement between the depth of the southern flank of the CRR and the subsidence curve for an 551	
HSR of 33.8 mm yr-1 and an initial axial depth of 2.7 km. However, where the basement is most heavily faulted, 552	
between 155-190 km distance along profile, we observe uplift of ~200-300 m with respect to a simple half-plate 553	
cooling model. This may imply that the crust formed during a phase of magmatic accretion, contrary to 554	
expectation based on the seismic velocity and bathymetry anomalies. Similar instances of anomalously shallow 555	
bathymetry are observed at ~110 and 150 km to the north of the CRR axis (Fig. 11a), and indicate that the 556	
subsidence model does not adequately explain observed basement depths along profile. Consequently, other 557	
mechanisms need to be considered that could result in the observed uplift.  558	

In the following analysis, we only consider crustal depth anomalies at distances >30-40 km from the ridge 559	
axis. The CRR axis currently lies at a depth of ~2.9 km, ~200 m deeper than would be expected if present 560	
accretion was magmatic, and indicating that the ridge axis may either be in a cooler thermal or reduced magma 561	
flux state, or that magmatic accretion is occurring predominately on the north flank. Alternatively, the 562	
anomalous axial bathymetry may represent a dynamic magma-induced deformation associated with dyke 563	
intrusion at the ridge axis (Carbotte et al., 2006), or that in near-ridge settings the relative thermal immaturity 564	
of the newly formed (<1 Myr) crust makes comparison with the expected ridge axis depth determined from 565	
older crust invalid. 566	



 567	
7.2.1 Crustal density and buoyancy models 568	
In order to appraise the potential source of the observed bathymetric uplift, it is necessary to consider the density 569	
(or buoyancy) structure of the lithosphere when modelled against the observed gravity anomaly. To reduce the 570	
number variables in the density model, we calculate the residual mantle Bouguer anomaly (RMBA, Fig. 11c) 571	
from the free-air anomaly (FAA, Fig. 11b, Sandwell et al., 2014) using the method of Parker (1972) to correct 572	
for the thickness of the water (density of 1035 kg m-3), and the gravitational effect of an average crust of density 573	
2600 kg m-3 and thickness 6 km (White et al., 1992), overlying a mantle of density 3300 kg m-3, followed by 574	
removal of the thermal effect of ridge cooling at a specified half-rate for the north and south flanks individually, 575	
consistent with the results of magnetic modelling. As the thermal effect has a sensitivity of ~4 mGal for a range 576	
of HSRs between 25-36 mm yr-1 (Fig. 11d), hereafter we show the calculated RMBA as an envelope, with the 577	
limits being those associated with the fastest (36 mm yr-1) and slowest (25 mm yr-1) CRR half-spreading rates 578	
(Fig. 11d,e). 579	

A long (>100 km) wavelength trend (Fig. 11d), which may represent gradual changes in crustal thickness 580	
and density with age and the progressive accumulation of sediment cover, is removed by fitting a 4th order 581	
polynomial, which preserves localised anomalies. Finally, a datum shift is applied to distribute the remaining 582	
anomalies about zero. The RMBA residuals (rRMBA; Fig. 11e) reflect either localised lateral variations in 583	
crustal thickness and/or crustal and upper mantle densities, relative to the values specified in the reduction, with 584	
positive values representing either thinner crust or higher density crust or mantle, and negative values the 585	
opposite.  586	

Along the CRR ridge segment from west to east, there is a variation from lower to higher RMBA values 587	
(Fig. 11c), suggesting the crust may be thinner and/or the mantle colder toward the east, and that this area may 588	
be undergoing magma-dominated, increasingly faulting-enhanced spreading. Asymmetry in the RMBA is also 589	
distributed across-axis, with the largest positive anomaly present on the north flank, adjacent to the PFZ, and 590	
extending ~100 km from the ridge axis, in contrast to the southern flank where there is less overall variation 591	
both along and across axis. The observed locations of anomalously shallow bathymetry, at 110 and 150 km on 592	
the northern flank and between 150 and 190 km on the southern flank, correlate to RMBA/rRMBA lows 593	
indicating a mass deficit at depth. 594	
 595	
7.2.2. 2D gravity and buoyancy modelling 596	
Indicative modelling of the rRMBA was conducted using grav2d, which applies the method of Talwani et al. 597	
(1959). The model is constructed with planar horizontal interfaces representing the top of the oceanic crust and 598	
the Moho. Here, we consider gravity anomalies associated with three possible mechanisms that would generate 599	
buoyant uplift, which we test for plausibility and consistency with our other observations using end-member 600	
cases for each. To prevent local features with limited along-segment extent biasing the resultant models, the 601	
observed rRMBA was averaged over a swath between Profiles SAP_A and SAP_C (see Fig 11a). 602	
 Three end-member models were tested: a Pratt-type isostatic model with lateral density perturbations 603	



across a constant thickness crust; an Airy-type isostatic model with a variable thickness crust with constant 604	
density contrast at the Moho; and finally, two models based on the interpretation that either crustal or mantle 605	
densities have been locally altered as a result of metamorphism associated with fluid ingress down fault 606	
pathways. For the Pratt-type model, relative density anomalies of ±60-70 kg m-3 in the upper 2 km (layer 2), 607	
above a constant density layer 3, were sufficient to reproduce the observed rRMBA. Using the velocity-density 608	
relationship of Carlson & Herrick (1990), this corresponds to velocity perturbations of ~0.5-1.0 km s-1, which 609	
are consistent with the observed lateral velocity contrasts in the upper crust (Fig. 7c). However, the modelled 610	
density contrasts are less than half that required to produce the buoyancy necessary to support the observed 611	
uplifted zones. For the Airy-type model, a two-layer crust with constant densities was used with a relative 612	
density contrast of 300 kg m-3 at the base of the crust, which then requires about ±1 km depth perturbation to fit 613	
the rRMBA. Although this model is consistent with the degree of buoyancy required to support the uplifted 614	
zones, it is inconsistent with the FSR model of Bown & White (1994), which suggests that crust formed at 615	
slower FSRs is thicker than that formed at faster rates, as the Airy-type model predicts thicker crust is formed 616	
during periods of slowest spreading. However, these periods correspond to those that we interpret as being 617	
formed during periods of magma-dominated accretion, implying a thinner rather than thicker crust. 618	

Finally, we test models where the density differences are the result of alteration of the lower crust and/or 619	
mantle by fluid ingress. The magnitude of the associated gravity anomaly and buoyant uplift are both strongly 620	
dependent on the density difference assumed between the alteration products and the surrounding host rock. We 621	
test two end-members, in which all of the metamorphism is accommodated either within the lower crust, from 622	
the bottom up (Fig. 12b), or the upper mantle, from the Moho down (Fig. 12c). The density of the altered 623	
material in both cases is set to 2900 kg m-3. If metamorphism occurs solely in the lower crust, the rRMBA can 624	
be matched using columns of material ~3.0-3.5 km in height, which have a calculated positive buoyancy effect 625	
(i.e. uplift) of ~0.17-0.18 km, which is within the observed error bounds. If, instead, metamorphism occurs in 626	
the upper mantle, e.g. with peridotite being converted to serpentinite, an ~1 km thickness is required to 627	
reproduce the rRMBA, generating a corresponding uplift of ~0.2 km, consistent with observations. 628	
Alternatively, it is possible that lower density material in the mantle may reflect frozen basaltic melts (e.g. 629	
Lizarralde et al., 2004). However, their location coincides with zones interpreted as having formed during 630	
periods of magma-dominated accretion, from which we conclude that this explanation is unlikely. 631	

Gravity modelling is inherently non-unique such that a large number of potential models can fit an observed 632	
anomaly. It was not, therefore, possible to produce a single model of the lower crustal and upper mantle density 633	
structure that satisfies all of the rRMBA, variation in basement depth, and crustal velocity variability in layer 2 634	
observations, which we have shown to be related in their manifestation and origin, and coupled both to each 635	
other and variations in full-spreading rate and asymmetry. However, each of the models outlined above 636	
variously support different characteristics of a model of crustal formation in which increased normal faulting at 637	
the seabed is a result of variation in magma supply and phases of increased tectonic extension, and that decreases 638	
in density result from increased porosity and/or permeability that allows fluid-driven alteration to occur within 639	



the crust and mantle. Thinner crust would be observed during phases of magma-dominated accretion where the 640	
crust undergoes a higher degree of tectonic extension as part of spreading.  641	
 642	
8. DISCUSSION 643	
8.1. Crustal velocity evolution 644	
For magmatically accreted crust (M≈1), layer 2A comprises extrusive pillow lavas and high porosity at zero-645	
age. Large-scale seismic studies (e.g. Houtz & Ewing, 1976; Grevemeyer & Weigel, 1996, Carlson, 1998) have 646	
demonstrated that during the crustal ageing process P-wave velocity increases with age, doubling from its initial 647	
value within ~10 Myr. This progression is also observed in the results of our study, by the shallowing of the 4.3 648	
km s-1 contour in the final inverse model (Fig. 7b), from approximately the depth of the layer 2A/2B transition 649	
at zero-age, to the top basement surface depth by 170-220 km from the ridge axis. The velocity increase is 650	
principally attributed to the infilling of porosity with leached mineral deposits (e.g. Christeson et al., 2007), 651	
from the base of layer 2A upwards, as a result of hydrothermal fluid flow. 652	

In contrast, velocities in layer 2B tend to increase at a much higher rate, reaching ‘maturity’ within ~0.5 653	
Myr of crustal formation (Newman et al., 2011), which may indicate that layer 2B velocity evolution is rapid 654	
and dissociated from that of layer 2A, consistent with models of hydrothermal fluid circulation where high-655	
temperature systems penetrate into layer 2B in the proximity of an axial magma lens at the ridge axis, while 656	
low-temperature hydrothermal systems are restricted to layer 2A and continue only as long as there is 657	
permeability. However, for crust that is formed during magma-dominated periods with a higher degree of 658	
tectonic extension (0.5<M<1), the normal faults that facilitate that extension overprint and predominate the 659	
primary porosity and permeability, and act as open conduits for the ingress of fluids and subsequent chemical 660	
stripping of minerals, possibly allowing fluids to penetrate deeper into the lithosphere and remain active over 661	
significantly longer periods of time. 662	

Within the oceanic crust, hydrothermal systems are strongly influenced by the degree of sediment cover 663	
(e.g. Nedimović et al., 2008), with sealing of the basement to fluid flow occurring once complete cover by low 664	
permeability pelagic ooze is established. South of the CRR, complete cover occurs at distances of >190 km for 665	
crust older than ~5.9 Myr (Fig. 2). This system sealing results in changes in the degree and pattern of 666	
hydrothermal circulation, and coincides with the highest observed layer 2A P-wave velocity anomalies in the 667	
final inversion model (Fig. 7c). Where the sediment cover is discontinuous (Nedimović et al., 2008), the rate of 668	
layer 2A velocity increase since formation is observed to be slower. We infer that where the system remains 669	
open, heat is efficiently advected from the crust and results in a lower temperature in layer 2A that, in turn, 670	
preserves the permeability. Once the system is sealed though, the basement temperature increases by an order 671	
of magnitude (Kolandaivelu et al., 2019 in review) and results in the mobilisation and precipitation of minerals 672	
that reduce the porosity and increase velocity. The ability of the sediment cover to overwhelm the underlying 673	
crustal topography is primarily a function of sedimentation rate, but also the topography inherited at the time of 674	
crust formation at the ridge. Where the crust is most heavily faulted, between 100-190 km distance from the 675	
ridge axis, the basement of fault footwalls is still exposed to seawater, as is young crust between ±30 km of the 676	



ridge axis where sediment cover is yet to accumulate (Fig. 2). These are locations that coincide with observations 677	
of reduced layer 2B P-wave velocity (Fig. 7c), indicating that these exposed-to-seawater fault pathways remain 678	
open to fluid circulation, facilitating extensive focussed flow and, thus, the alteration of this and the deeper 679	
crust. 680	
 681	
8.2. Spreading rate and crustal formation style 682	
Spreading rate can be used as a proxy for the thermal structure of a ridge axis. At fast spreading rates, magma 683	
supply is effectively constant and accretion is effectively entirely magmatic (M≈1). At slower rates, magma 684	
supply may be intermittent or sparse, with spreading accommodated increasingly by faulting (0.5<M<1). At the 685	
slowest spreading rates, the ridge system may even approach an amagmatic state. The effect of spreading rate 686	
on crustal formation depends on both the full-spreading rate, which effectively controls the amount of magmatic 687	
upwelling, and the degree of spreading asymmetry which partitions the full-spreading rate into half-spreading 688	
rates for each ridge flank. Over the past 7 Myr, the CRR has spread at full-spreading rates of 50-72 mm yr-1, 689	
with the south flank HSR ranging from 25 to 36 mm yr-1 (Fig. 9c; Wilson & Hey, 1995), covering the full range 690	
expected for intermediate rate ridges (Dick et al., 2003).  691	

Lithological analysis of samples from borehole 504B shows that ~6.9 Ma crust, now located 233 km south 692	
of the ridge axis, was accreted magmatically (Alt et al., 1996). Between 190-250 km south of the ridge axis, the 693	
bathymetry matches the d0 = 2.7 km subsidence curve (Fig. 8d), the crustal topography is smooth (Fig. 8c) and 694	
the layer 2B relative P-wave velocity is high (Figs 7c & 9b). This region of crust corresponds with the fastest 695	
full-spreading rates at the CRR of over 70 mm yr-1 (Fig. 10f). The ground-truth provided by borehole 504B 696	
allows the observations of smooth basement topography and high relative layer 2B P-wave velocity to be used 697	
as an indicator of magmatic accretion of M≈1. Between 50-100 km south of the CRR, although the full-698	
spreading rate is slower by 5-10 mm yr-1 and there is a significant asymmetry in the HSR, the crustal 699	
morphological and velocity characteristics are still consistent with a predominantly magma-dominated origin, 700	
yielding crust similar to that at borehole 504B. 701	

In contrast, the crust located between 140-190 km south of the ridge axis (4.0-5.8 Myr) was formed at full-702	
spreading rates of 50-55 mm yr-1, corresponding to the slower end of the intermediate range (Fig. 10f). In this 703	
region there is evidence for increasingly faulting-enhanced spreading in the form of normal faulting (Fig. 2) and 704	
high basement roughness (Fig. 8c). The coincident lower velocity of layer 2B (Fig. 9a) indicates that the fault 705	
pathways here remain open and facilitate on-going hydrothermal circulation. The conjugate to this region on 706	
the north flank would also be expected to show similar features if crustal creation was symmetric. Although we 707	
have not modelled the velocity-depth structure of the crust to the north, there is evidence from the rRMBA (Fig. 708	
11e) of two lows at ~-110 km and -140 km which occur within an equivalent time frame (~4-6 Myr). The 709	
coincident observations of reduced crustal P-wave velocity, rRMBA lows, and bathymetric uplift, together 710	
suggest that increased faulting during periods of magma-dominated, faulting-enhanced spreading increases 711	
crustal porosity, potentially allowing fluid ingress to depth within the crust or, even into the upper mantle. Such 712	
fluid flow would produce metamorphism and result in density anomalies. 713	



 714	
8.3. Transitions between modes of spreading 715	
The rate of transition between magmatic and magma-dominated phases of crustal formation, and the time frame 716	
of complete change from one to the other, provides a means to estimate the temporal variability in longer-term 717	
thermal state of the ridge axis and deeper magmatic source. In the absence of any other controls, the full-718	
spreading rate is expected to be directly correlated to the degree of mantle upwelling and, hence, melt supply, 719	
and should be partitioned equally between the two ridge flanks. Under these circumstances, the increase in 720	
tectonism may not occur instantaneously (in geological time scales), instead taking place as a transition as 721	
magma flux wanes and the ridge axis cools. However, the response to increasing magma flux might be expected 722	
to be more rapid, effectively reducing faulting as spreading becomes supported by crustal growth.  723	

Our observations show that for the CRR, this ‘passive’ progression (or cycle) does not actually appear to 724	
be the case. Instead, the magmatic accretion documented and ground-truthed around borehole 504B is followed 725	
not by gradual slowing of the spreading rate, but by a rapid ~20 mm yr-1 decrease in FSR to ~50-55 mm yr-1, 726	
partitioned roughly equally between the two ridge flanks, and occurring at ~6 Ma. The following period during 727	
which faulting is enhanced is relatively short, with the magma supply beginning to increase, together with a 728	
matching increase in the FSR, over the subsequent 2 Myr, with magmatic accretion preferentially occurring to 729	
the south of the ridge axis due to asymmetry in the spreading (Fig. 10e).  730	

Regardless of the specific driving/controlling force, the structure of the oceanic crust formed at the CRR 731	
appears to be highly sensitive to relatively small changes in spreading rate. Patterns in the observed top basement 732	
roughness and layer 2 velocity structure appear to follow the variation in FSR, with 62-65 mm yr-1 here acting 733	
as the threshold for the transition between spreading states. 734	

If the magma supply sufficiently decreases such that faulting-enhanced spreading progresses to a tectonic-735	
dominated mode, eventually a large-scale detachment will form that could result in the exhumation of the lower 736	
crust and the uppermost mantle at the seabed (e.g. Cannat, 1993; Ranero & Reston, 1999; MacLeod et al., 2002; 737	
Escartin et al., 2008; Dannowski et al., 2010; Peirce et al., 2019). Modelling suggests that such large-scale 738	
crustal detachments form if M becomes less than ~0.3-0.5 (Buck et al., 2005; Tucholke et al., 2008; Olive et al., 739	
2010). Instead, at the CRR the magmatic system operates, at a minimum, in an episodic state of “just in time” 740	
magma delivery, such that M does not fall to values indicative of tectonic-dominant spreading. 741	
 742	
8.4. Possible controls on spreading rate and asymmetry variations 743	
Over the past 6 Myr, multiple plate motion changes have occurred that may have influenced the stress regime 744	
at the CRR and, hence, contribute to the changes in the character of spreading described in this study. The rapid 745	
reduction in spreading rate at the CRR at ~6 Ma (Fig. 9c) corresponds to a clockwise shift in the absolute motion 746	
of the Pacific plate at 5.8-5.9 Ma (Krijgsman et al., 1999). Plate reconstructions (e.g. Morell, 2015) also show 747	
that the separation of the Ecuador Ridge from the Galapagos Ridge occurred between 4 and 6 Ma, which resulted 748	
in redistribution of transform motion along the ridge system. Around 4 Ma, spreading at the Malpelo Ridge is 749	
believed to have stagnated resulting in the reorientation of the Panama Fracture Zone (formerly the Coiba 750	



Fracture Zone; Lonsdale & Klitgord, 1978) and, potentially, an increase in extension elsewhere within the basin. 751	
A possible manifestation of this is observed at the CRR, which shows an overall gradual increase in spreading 752	
rate, focussed to the south, and transition in magma supply state over several million years. The Cocos and 753	
Carnegie aseismic ridges are also proposed to have encountered the subduction zones of Central and South 754	
America, between 1 and 2 Myr (Lonsdale & Klitgord, 1978; Gutscher et al., 1999; Meschede & Barckhausen, 755	
2001). It is possible that this may have led to a suppression, impediment or slowing of northward and eastward 756	
plate motion. This timing coincides with the transition in crustal structure observed at ~35-45 km to the south 757	
of the CRR, where the roughness and uplift increase. There is also a concurrent decrease in the FSR and increase 758	
in the asymmetry at this time (Fig 10e). 759	

Apparent spreading asymmetry may, alternatively, result from migration of ridge-axis discontinuities (e.g. 760	
Cormier & Macdonald, 1994; Grevemeyer et al., 2002), which may transfer lithospheric material from one flank 761	
of the ridge to the other. Bathymetric data along the CRR axis identify a left-stepping non-transform ridge 762	
discontinuity at 3° 20′ N, 83° 44′ W, which displays an overlap and offset between the two segments of ~2.5 763	
km and ~1.5 km respectively (Haughton et al., 2017). However, this feature is much smaller than the well-764	
developed overlapping spreading centres on which the plate transfer hypothesis is based, and such overlapping 765	
spreading centres are noted to manifest low upper crustal velocity anomalies beneath them (e.g. Lonsdale, 1983; 766	
Christeson et al., 1997; Canales et al., 2005), to an extent that is not observed in the final inversion model. 767	
Consequently, this mechanism is considered unlikely as an explanation of the observations at the CRR.  768	

Ridge jumps represent another mechanism which may manifest as apparent spreading asymmetry. This 769	
process has been observed in a number of locations (e.g. Brozena & White, 1990; Small, 1995) and is often 770	
associated with proximity to a hotspot. However, there is no evidence of repeated paired chrons within the 771	
coverage and resolution of the total ship-acquired magnetic anomaly data (Fig. 10b), which indicates that this 772	
mechanism is unlikely to have occurred at the CRR.  773	

Morphological analysis of the bathymetry in the vicinity of the CRR shows evidence for extensive 774	
volcanism in the recent geological past, in the form of seamounts and lava domes and flows (Haughton et al., 775	
2017). These features indicate that the CRR experiences intermittent and spatially discrete periods of focussed 776	
enhanced magmatism. The asymmetric distribution of these features, being located predominantly on the north 777	
flank of the CRR, is consistent with previous observations which suggest that asymmetric distribution of 778	
seamounts across spreading ridge flanks may be an indication that ridge migration has occurred (e.g. Davis & 779	
Karsten, 1986) or that the deep heat source at the CRR is displaced to the north, as suggested by seismic 780	
attenuation studies (e.g. Vargas et al., 2018). 781	

Finally, an alternative to the spreading rate control on magma supply and, hence, resultant crustal structure 782	
would be variability in the mantle composition providing the source melts. Correlations between melt 783	
composition, ridge-axis topography and crustal thickness have been shown to occur across a range of localities 784	
(Klein & Langmuir, 1987). However, the results of geochemical analyses of recovered samples from Deep Sea 785	
Drilling Project sites south of the CRR, indicate a near steady-state in magma composition between 3.9-5.9 Ma 786	
(Natland et al., 1983), which may not, therefore, support this mechanism. 787	



Consequently, none of these possible alternatives to the spreading rate control on magma supply is 788	
considered likely to explain all of the observed features of the CRR, at least for the last ~6-8 Myr. 789	
 790	
9. GLOBAL CONTEXT 791	
Our results from the CRR reveal variability in both the crustal morphology and layer 2 P-wave velocity, which 792	
manifest over a range of spatial and temporal scales. Previous studies of layer 2A at intermediate-spreading 793	
ridges have, to date, predominantly focused on mapping the thickness of this layer and the depth to the axial 794	
magma lens, where present, in order to determine ridge thermal structure (e.g. Blacic et al., 2004; Baran et al., 795	
2005; Canales et al., 2006; van Ark et al., 2007), while resolution of the observed layer 2B variable velocity 796	
structure has been relatively limited, due to experiments consisting of ridge-parallel profiles (e.g. Grevemeyer 797	
et al., 1998) or profiles not extending sufficiently far-enough off-axis to sample the necessary time frames over 798	
which variation occurs (Baran et al., 2010). However, layer 2B velocity anomalies of up to ~1 km s-1 have been 799	
observed to be associated with areas of several hundred metres of basement topography across the Northern 800	
Symmetric and Cleft segments of the JdFR (Newman et al., 2011), consistent with the observations of layer 2B 801	
characteristics at the CRR described here. Furthermore, based on observations of variable axial morphology 802	
along the Cleft and Vance segments of the JdFR (Canales et al., 2005) and along the GSC (Blacic et al., 2004), 803	
it has been proposed that along-axis spatial variability in morphology of the crust formed at the ridges can be 804	
explained by relatively subtle changes in extent of magma supply, as demonstrated by the models of Kappel & 805	
Ryan (1986) and Phipps Morgan & Chen (1993). Our study, therefore, suggests that these same models can be 806	
applied generically to temporal variations in crustal structure variability observed across axis, and driven by the 807	
same processes.  808	

Thus, the CRR, and by extension all intermediate spreading ridges with spreading rates between the fast 809	
end of Atlantic “slow spreading”, and the slow end of EPR “fast spreading”, is likely to express variations in 810	
the mode of crustal formation. The threshold for the transition between magmatic and magma-dominated, 811	
faulting-enhanced spreading modes appears to be controlled by the full-spreading rate and degree of spreading 812	
asymmetry between the two flanks. For the southern flank of the CRR, this threshold full-spreading rate appears 813	
to be ~62-65 mm yr-1. There appears to be several different scales of magma supply occurring at the CRR and, 814	
by extension, intermediate-rate spreading centres in general. The first is a longer-period (several Myr) variability 815	
in the overall degree to which spreading is supported by magmatism, and which may reflect either waxing and 816	
waning of a deeper mantle source, or the effects of changing regional tectonic stresses. Secondly, during periods 817	
of magmatic spreading, potentially including at the present-day, there is evidence for a small axial magma lens 818	
(or lenses) at the ridge axis (Buck et al., 1997; Zhang et al., 2017), the relatively small volume of which indicates 819	
that it, or they, must be subject to regular short-period episodic replenishment, otherwise ‘freezing’ quickly 820	
occurs (Liu & Lowell, 2009). Finally, there is evidence for intermittent and spatially discrete periods of focussed 821	
enhanced magmatism (Haughton et al., 2017).  822	

The evolution of upper crustal properties with time has been shown to be strongly dependent on the mode 823	
of crustal formation, and the extent and continuity of hydrothermal alteration. How long hydrothermal 824	



circulation can continue is governed not only by temperature (to act as a driving force), but also by the 825	
availability of potential fluid pathways. Thus, in addition to the significant role played by the crustal fabric 826	
imposed at accretion, the rate of crustal ageing is also controlled by the continuity of sediment cover (Nedimović 827	
et al., 2008). Furthermore, there may be an important relationship between the locations of significant basement 828	
faulting at the time of formation, sediment insulation, and the evolution of heat flow from the crust to the ocean 829	
(Kolandaivelu et al., 2019 in review). 830	
 831	
10. CONCLUSIONS 832	
Joint analyses of MCS, SAP WA and OBS WA data, with additional constraint provided by potential field data, 833	
has revealed the detailed structure of the upper crust formed at the Costa Rica Rift over the last ~6-8 Myr. 834	
Overall, the results of our study indicate the following: 835	
 836	

1. The upper crustal formation process at the intermediate spreading Costa Rica Rift is sensitive to 837	
relatively small changes in full-spreading rate (50-70 mm yr-1) with corresponding changes in half-838	
spreading rate within the range of 25-36 mm yr-1 which are asymmetric about the ridge axis. These 839	
fluctuations correspond to different characteristics of the spreading processes occurring at the ridge axis 840	
that imprint strongly on the resulting primary fabric of layer 2 and influence its subsequent evolution 841	
through secondary alteration. Even at intermediate spreading ridges there appear to be two end-member 842	
modes of crustal formation: one magmatic (M≈1) which occurs at the faster end of the spectrum, and 843	
the other magma-dominated and accompanied by enhanced tectonic extension (0.5<M<1), that occurs 844	
at the slower end. Generally, there is a fluctuating transition back and forth between the two, finely 845	
balanced at a threshold spreading rate that may be ridge location specific, and dictated by the broader 846	
regional plate tectonic setting. 847	

2. During times of magmatic spreading, corresponding to full-spreading-rates >~62-65 mm yr-1 at the 848	
CRR, the resulting top basement surface is smooth and the crust subsides over time at the rate predicted 849	
by a simple half-plate cooling model. The across-axis P-wave velocity structure of both layer 2A and 850	
layer 2B displays an overall trend of increasing velocity with age, with the former, shallower layer 851	
experiencing greater change than the latter. 852	

3. During periods of slower spreading, with a reduced magma supply, a rough top basement is observed 853	
together with pervasive faulting, and the depth to the top basement surface is shallower than expected 854	
based on cooling models. This observation is similar to that recorded at slow- and ultraslow-spreading 855	
ridges, where oceanic core complexes are ultimately exhumed along low-angle detachment faults. 856	
Deeper fluid ingress along faults and through layer 2B, characterised by a lower than expected P-wave 857	
velocity, leads to alteration of olivine-rich mineral assemblages within the lower crust or upper mantle, 858	
lowering their density and resulting in bathymetric uplift. 859	

4. The potential for, and resulting effect of, hydrothermal alteration is directly related to the permeability 860	
structure of the crust and is, therefore, strongly influenced by the initial structure inherited at the time 861	



of accretion. For smooth crust, once a continuous sediment cover is established, hydrothermal 862	
circulation occurs in a closed system and the P-wave velocity and density of the crust increase due to 863	
secondary mineralisation. For rough crust with discontinuous sediment cover, significant hydrothermal 864	
circulation exchange with the overlaying ocean may continue off axis, despite the full sealing and 865	
healing of primary porosity, by exploiting fault pathways created by increased tectonic extension at the 866	
time of formation. 867	

5. It remains unclear what drives the observed changes in spreading at the CRR. However, the timing and 868	
sequence of transitions between different modes of accretion suggest a several-Myr cyclicity in broad-869	
scale magma supply may not be the controlling factor and, instead, these changes may be influenced by 870	
tectonic events associated with the plate boundary, or changes in the spreading rate or patterns of 871	
spreading of adjacent plates. 872	

6. Magmatic and magma-dominated, faulting-enhanced modes of spreading are not mutually exclusive 873	
and, instead, the oceanic crust at any location can be considered as forming via a mix-and-match of 874	
these two mechanisms, with varying predominance and/or durations of each and where the formation 875	
style may be different for crust on opposite ridge flanks. At ‘intermediate’ spreading rates there is, thus, 876	
a fine balance between these two modes. Therefore, the term ‘crust formed at an intermediate-spreading 877	
ridge’ is not an accurate description of the underlying crustal formation process(es). Instead, it 878	
represents a temporally and spatially integrated view of the crustal structure over a much longer time 879	
span, where variations in formation mode have occurred on timescales of the order of a few Myr. 880	
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FIGURES 1163	

 1164	
Figure 1. Tectonic setting of the Costa Rica Rift and ODP borehole 504B in the Panama Basin. a) GEBCO bathymetry 1165	
(GEBCO, 2008) of the Panama Basin, with solid red lines showing west-east trending ridge segments that mark the 1166	
boundary between the Cocos and Nazca Plates, offset by north-south trending fracture zones (dark red dashed lines). 1167	
Motion of the Cocos and Nazca Plates (NRR-MORVEL56; Argus et al., 2011) is shown by labelled arrows, with rates in 1168	
mm yr-1. GSC, Galapagos Spreading Centre; ER, Ecuador Ridge; CRR, Costa Rica Rift; EFZ, Ecuador Fracture Zone; 1169	
PFZ, Panama Fracture Zone. Black dashed box shows the location of the OSCAR seismic experiment shown in part b). 1170	
ODP borehole 504B is indicated with a green dot, SAP profiles by black lines, and SAP_B by the orange line. b) Swath 1171	
bathymetry-derived seabed topography illuminated from the north, highlighting the axis-parallel fault planes. Inverted 1172	
black triangles mark OBS locations, with instrument numbers labelled. OBSs with example data record sections shown in 1173	
Fig. 3, are coloured red. SAP profile locations are labelled. ODP borehole 504B is indicated with a green circle. Labelled 1174	
arrows at the ridge axis indicate present-day half-spreading rates (mm yr-1).  1175	



 1176	
Figure 2. Stacked MCS reflection data along Profile SAP_B. The mean thickness of sedimentary cover over the high 1177	
amplitude basement reflection increases with increasing crustal age, although this cover is punctuated by the footwalls of 1178	
normal faults in areas of rough bathymetry between 90-190 km. Vertical exaggeration is ~12 at the seabed. Inverted black 1179	
triangles mark OBS locations, with red triangles for those OBSs shown in Fig. 3 (cf. Fig. 1b). Ages assume a constant half-1180	
spreading rate of 33.8 mm yr-1 from the CRR to ODP borehole 504B (6.9 Ma). Annotations highlight key features that are 1181	
discussed in the text. 1182	
 1183	
Note to editor/typesetter: we propose that this figure is presented on a full page in landscape format in the final version 1184	
of the paper. 1185	

1186	



 1187	
Figure 3. Example OBS hydrophone record sections from OBSs 04, located at the CRR axis, and 32, located at borehole 1188	
504B. a) & c) Record sections displayed after minimum phase bandpass filtering (2-4-24-36 Hz). b) & d) Indicative travel 1189	
time picks for refracted phases used in modelling are annotated, with symbol width corresponding to the assigned pick 1190	
uncertainty and colour to phase identification. Record sections are plotted with a reduction velocity of 6 km s-1. See Fig. 1 1191	
for location of instrument relative to profile bathymetry. Pw – water waves; Pg1 – upper crustal refracted arrivals; and Pg2 – 1192	
middle-to-lower crustal refracted arrivals. 1193	



 1194	
Figure 4. Example SAP WA data recorded by the MCS streamer, displayed with a minimum phase bandpass filter (2-4-1195	
24-36 Hz). Phase identification are annotated: PsbP, seabed reflection; Pg, crustal arrivals. Record sections are plotted with 1196	
a reduction velocity of 6 km s-1. Indicative travel time picks are annotated and have a ±20 ms assigned uncertainty. 1197	



 1198	
 1199	
Figure 5. Model initialisation. a) Representative 1D velocity-depth profiles used to construct initial velocity models. Black 1200	
lines show the layered model, created for forward modelling by interpolating between the velocity-depth structures of the 1201	
Juan de Fuca Ridge (van Ark et al., 2007) for the ridge axis, and borehole 504B (Detrick et al., 1998). Red lines show the 1202	
smooth initial inversion model. b) Ray-trace forward model for Profile SAP_B. Model has a rms misfit of ~56 ms, 1203	
corresponding to a χ2 fit of ~3.4, fitting ~5,300 Pg1 and Pg2 travel time picks. Inverted black triangles indicate OBS locations. 1204	
Solid black line marks the model layer 2A/2B boundary. Dotted line shows the 4.3 km s-1 contour. Note how this contour 1205	
shallows with distance from the ridge axis until it reaches the depth of the top basement surface. 1206	



 1207	
Figure 6. P-wave velocity models resulting from independent inversions of OBS WA and SAP WA travel time picks and 1208	
corresponding smallest resolvable checkerboard patterns. a) Velocity model resulting from inversion of the ~5,300 Pg travel 1209	
times picked from the OBS WA data, masked to show extent of ray coverage. Black dashed line shows 600 m depth region 1210	
below seabed (see text), smoothed over a 10 km window. b) Recovery of a 5% velocity anomaly checkerboard (10 km x 1211	
1.5 km) using the same shot-receiver geometry and picks as the OBS WA inversion. c) Velocity model resulting from 1212	
inversion of the ~500,000 Pg travel times picked from the SAP WA data, plotted as for a). d) Recovery of a 5% velocity 1213	
anomaly checkerboard (5 km x 1 km) using the same shot-receiver geometry and picks as the SAP WA inversion. e) 1214	
Sampled 1D velocity-depth profiles from the OBS (black) and SAP (red) models at locations between the ridge axis and 1215	
borehole 504B. Note that the SAP WA data generally results in lower velocities in the upper 600 m of the model. 1216	



 1217	
Figure 7. Final P-wave velocity-depth models showing the evolution of layer 2 from the ridge axis to borehole 504B. a) 1218	
Forward model (cf. Fig. 5b). b) Preferred final inversion model from combined inversion of OBS WA and SAP WA travel 1219	
times, with a rms misfit of 30 ms. In both parts inverted black triangles mark OBS locations, the 4.3 km s-1 velocity contour 1220	
is plotted as dashed black line and the forward model layer 2A/2B boundary is shown as a solid grey line for reference. 1221	
Ages assume a linear half-spreading rate that matches the 6.9 Ma crustal age at borehole 504B. c) Relative velocity model 1222	
showing the difference in final inversion model P-wave velocity compared to a reference 1D velocity-depth profile from 1223	
the ridge axis. A lateral variation in layer 2 velocity is observed along profile. The forward model layer boundaries are 1224	
shown as solid grey lines for reference. Dashed black line shows the depth limit of confidence in the model at ~1.8 km 1225	
sub-seabed. d) Sampled 1D velocity-depth profiles from the forward (black) and final inverse (red) models at locations 1226	
between the ridge axis and borehole 504B. For profiles other than at 0 Ma, the blue line is the 1D velocity-depth profile at 1227	
ridge axis shifted to match top of layer 2 of the others. 1228	



 1229	
Figure 8. Crustal roughness and subsidence analysis. a) Bathymetry along Profile SAP_B, extended southward towards 1230	
the Carnegie Ridge. Shipboard bathymetry shown as a black line and GEBCO (2008) bathymetry as a grey line. b) Top 1231	
basement surface depth (black line) calculated using sediment two-way travel time “thickness” and an interval velocity of 1232	
1630 m s-1, filtered using a 25 km-wide Gaussian window (green line). Predicted depth (red line) from the Hasterok (2013) 1233	
subsidence curve, using d0 = 2.7 km and a half-spreading rate of 33.8 mm yr-1 shown for comparison. c) Long-wavelength 1234	
rms roughness of the top basement (red line), calculated using a 100 km-wide sliding window, shown as a residual relative 1235	
to the predicted depth in b). Short-wavelength rms roughness (green line) calculated using a 25 km-wide sliding window 1236	
as a residual relative to the filtered top-basement depth. d) Expected crustal subsidence (Hasterok, 2013) for a half-1237	
spreading rate of 33.8 mm yr-1 and initial ridge axis depths (d0) of 2.7 km (red line), 3.0 km (purple line) and 3.3 km (blue 1238	
line). Regions of rough bathymetry lie shallower than the expected subsidence. e) Half-spreading rate for the south flank 1239	
of the Costa Rica Rift, calculated from the full rates and degree of asymmetry of Wilson & Hey (1995).  1240	



 1241	
 1242	
Figure 9. Synthesis model of the crustal formation history of the southern flank of the CRR. a) Relative velocity model 1243	
(Fig. 7c). b) Summary of crustal subsidence, roughness, and layer 2A and 2B P-wave velocity anomaly, showing 1244	
relationships between characteristics. c) Half-spreading rate for the south flank of the Costa Rica Rift, from Wilson & Hey 1245	
(1995; black line), and this study (red and blue lines, cf. Fig. 10). Grey-shaded region shows the proposed threshold half-1246	
spreading rate for the transition between magma-dominated, 0.5<M<1 (<~33-35 mm yr-1 HSR) and magmatic, M≈1 (>35 1247	
mm yr-1) spreading. d) Proposed transitions between 0.5<M<1 and M≈1 spreading, and where there appears to be a marked 1248	
increase in faulting (F), over past 7 Myr. 1249	



 1250	

 1251	
Figure 10. Magnetic anomaly modelling showing CRR spreading asymmetry. a) GEBCO (2008) bathymetry for the crust 1252	
250 km to north and south of the CRR. b) CRR magnetic anomaly data. Foreground comprises available marine track-line 1253	
data (see text for source) combined with that acquired during JC114, overlain on the EMAG2v2 (Maus et al., 2009 – 1254	
faded background) downward continued to sea level for comparison, showing a clear correlation between ship-acquired 1255	
anomalies and the pattern within EMAG2v2 c) SAP_A ship (black), EMAG2v2 (red) (both solid lines) and magnetic 1256	
anomalies modelled using MODMAG (Mendel et al., 2005) (dashed). Vertical dashed lines labelled at 1 Ma intervals. 1257	
Shipboard data are modelled with a sea level datum, while EMAG2v2 is modelled for its datum of 4 km above sea level. 1258	
d) As c), for Profile SAP_C with EMAG2v2 anomaly (blue). e) Calculated half-spreading rates from modelling of Profiles 1259	
SAP_A (red) and SAP_C (blue) in c) and d) respectively. f) Calculated full-spreading rates for Profiles SAP_A (red) and 1260	
SAP_C (blue), the grey-shaded region shows the proposed threshold FSR between 0.5<M<1 and M≈1 spreading modes. 1261	



 1262	
Figure 11. RMBA gravity reduction. a) GEBCO (2008) bathymetry the crust 250 km to north and south of the CRR. b) 1263	
Satellite-derived free-air gravity anomaly (FAA, Sandwell et al., 2014). c) Calculated RMBA using a crustal thickness and 1264	
density contrast of the crust relative to the mantle of 6 km and 700 kg m-3 respectively, and an intermediate half-spreading 1265	
rate for the north and south flanks of 30 mm yr-1. A datum shift has been applied to distribute anomalies around zero for 1266	
relative polarity analysis. Dashed grey lines indicate the window in which profiles are sampled at 1 km-along-ridge 1267	
intervals and averaged in d). Sampled and averaged RMBA at 1 mm yr-1 increments of HSR, assuming symmetrical 1268	
spreading (grey lines), with slowest (red), intermediate (green) and fastest (blue) CRR half-spreading rates highlighted. 1269	
Black dotted line shows the 4th order polynomial used for regional de-trending. e) De-trended RMBA (rRMBA) for slowest 1270	
(red), intermediate (green) and fastest (blue) CRR half-spreading rates. 1271	



 1272	
Figure 12. End-member models of density anomalies that fit the residual mantle Bouguer anomaly (rRMBA) after removal 1273	
of the long wavelength (>100 km) trend. a) Observed and modelled rRMBA. Grey line shows the observed rRMBA, 1274	
overlain with the 2D-modelled curves for the two models below, coloured black where the density anomalies are located 1275	
entirely within layer 3 of the crust, and red for within the mantle. b) & c) End-member models where alteration occurs 1276	
solely in the crust and mantle respectively, which produce the rRMBA shown in a). Shaded zones centred on the present-1277	
day spreading axis and at the edges of the model are not considered reliable due to either distal or near-ridge tectonic 1278	
complexities. Note that a 200 m thicker crust is modelled between 175-260 km to better fit the ‘background’ RMBA in this 1279	
region. See text for discussion of model parameterisation and modelling approach. 1280	


